[1] Seismic data recorded by ocean bottom seismometers (OBSs) at the southern East Pacific Rise (SEPR) were analyzed to characterize seismicity at fast spreading mid-ocean ridges. An automated event detection algorithm based on pattern recognition was developed to identify earthquake-generated T phases. The waveform cross-correlation and least squares method was found to provide more robust estimates of T phase relative travel times than the method of picking T phase maximum amplitude. The OBSs and subsequent equatorial Pacific hydrophones recorded earthquakes near an earthquake swarm in 1992, which was located $300 km west of the ridge axis at about 18°S and 116°W. The process that generated the 1992 swarm either was reactivated 3 years later during the OBS experiment or has been continuously active in the past decade. This longterm activity suggests renewable stresses, which are consistent with the interpretation that magma injection was the cause of the 1992 swarm. In contrast to the swarm characteristics of earthquakes on the west flank of the ridge axis, earthquakes on the Nazca flank were randomly distributed in time and space. This difference in seismicity may result from the difference in the thermal structure of the Pacific and Nazca plates. The few earthquakes located at or near the ridge axis had very small magnitudes, reflecting the presence of shallow magma chambers and the thin elastic layer of the SEPR. This result suggests that acoustic monitoring of earthquakes associated with dike intrusion is difficult at regional scales at the SEPR. There is no apparent correlation between seismicity and off-axis seamounts. 
Introduction
[2] The southern East Pacific Rise (SEPR) has few earthquakes that are detectable by land-based seismic networks. Yet several geological processes at this fast spreading (145 mm/yr, full rate), mid-ocean ridge are expected to generate earthquakes, albeit at low magnitudes. The SEPR is characterized by a valley 10-200 m deep along most of the ridge axis, which may initiate as a linear version of caldera collapse [Macdonald and Fox, 1988; Haymon et al., 1991; Fornari et al., 1997] or a graben associated with dike intrusion [Chadwick, 1997] . With some exceptions, axial summit calderas or grabens are found to coincide with axial magma chambers (AMC) [Macdonald and Fox, 1988; Detrick et al., 1993; Scheirer et al., 1996] . As the lithosphere thickens and strengthens sufficiently to support shear failure, the caldera eventually becomes bounded by true normal faults and the axial summit caldera becomes the axial summit graben [Carbotte and Macdonald, 1994; Sinton et al., 1991; Auzende et al., 1996] . Faulting may continue to at least 30-km off-axis, as inferred from measurements of the height of fault scarps at the northern East Pacific Rise [Lee and Solomon, 1995; Macdonald et al., 1996] . The formation and evolution of the axial summit caldera, the accumulation and redistribution of magma, and the extension of the ridge axis may all cause seismogenic failure.
[3] It is unclear whether off-axis volcanism, abundant near the SEPR [Shen et al., 1993 [Shen et al., , 1995 Scheirer et al., 1996] , is associated with seismic activities. Also poorly known are background levels and causes of off-axis, intraplate seismicity. Several sources of stress, such as ridge push [e.g., Okal et al., 1980] , cooling of the lithosphere [e.g., Bergman and Solomon, 1984; Wiens and Stein, 1984; Bratt et al., 1985; Denlinger and Savage, 1989] , loading by local topographic features, and volcanic activity [Wysession et al., 1991] , have been proposed for various oceanic intraplate earthquakes. In this particular region, north-south extension of the Pacific plate [Sandwell et al., 1995] , which has been proposed to explain gravity lineations in the central Pacific [Haxby and Weissel, 1986] , is also a possible source of tectonic stress. Wysession et al. [1991] cataloged 403 reliable, intraplate earthquakes in the Pacific Basin occurred during the period of . While many of these earthquakes were associated with known tectonic and bathymetric features such as diffuse plate boundaries, fossil spreading ridges, and seamounts, some were not associated with any obvious feature [Wysession et al., 1991 [Wysession et al., , 1995 and thus represented the background seismicity. Stress orientations inferred from the background seismicity were consistent with the hypothesis that they were controlled by the relief of thermoelastic stresses Stein, 1983, 1984; Bergman and Solomon, 1984; Bratt et al., 1985] . Oceanic intraplate earthquakes recorded by land-based seismometers are few in number, however, and it is unclear whether their distribution and occurrence rate are random or a function of the seafloor subsidence rate as expected from cooling of the oceanic lithosphere. A better characterization of the distribution and rate of intraplate earthquakes requires recording of much more frequent microseismicity.
[4] Between November 1995 and May 1996, 51 ocean bottom seismometers (OBSs) were deployed on the SEPR near 17°S (Figure 1 ) in the Mantle Electromagnetic and Tomography (MELT) experiment ]. Continuous seismic data recorded by the OBS array during the 6-month period provided a rare opportunity to characterize seismicity at this fast spreading, mid-ocean ridge. This paper presents analyses of the local seismicity recorded by the MELT OBS array and its relationship to on-and off-axis tectonic and volcanic activities.
Experiment Setting and Seismic Data
[5] The MELT experiment was located at a segment of the spreading center that is remarkably linear from the Garrett Transform Fault to an overlapping spreading center (OSC) near 20°40 0 S (Figure 1 ). On a finer scale, the plate boundary is offset en echelon by a series of small, left-stepping discontinuities [Lonsdale, 1989; Sinton et al., 1991; Cormier et al., 1996] . This portion of the ridge is underlain by the shallowest known axial magma chamber, only about 1 -1.3 km beneath the seafloor [Detrick et al., 1993] . Submersible and towed camera surveys show that the areas around 17-17°30 0 S and 18°35 0 S have recent volcanic activities [Renard et al., 1985; Auzende et al., 1996; Embley et al., 1998 ]. There are numerous seamounts off-axis, especially on the west flank of the ridge axis [Shen et al., 1993 [Shen et al., , 1995 . Side-scan sonar images and the seamount volume distribution suggest that most seamounts are formed within 50 km of the ridge axis [Shen et al., 1993 [Shen et al., , 1995 , although some seamounts far off-axis appear to have recent magma eruptions .
[6] The MELT OBSs formed two linear arrays oriented at an azimuth of about N78°E (Figure 1 ). The southern array crossed the ridge axis at 17°15 0 S, near the middle of a ridge segment with a long, continuous AMC [Detrick et al., 1993] . The northern array crossed the ridge axis at 15°50 0 S, very close to the OSC at 15°55 0 S. No AMC was found for tens of kilometers on either side of this OSC [Detrick et al., 1993] .
[7] Each OBS was equipped with a pressure sensor (hydrophone or differential pressure gauge, DPG) and a three-component seismometer. Recording of all four channels of the 29 instruments used in this study (Table 1) was continuous at 16 samples per second. Technical problems prevented the use of other instruments in this study. The locations of the OBSs on the seafloor were determined by acoustic ranging [Creager and Dorman, 1982] coupled with Global Positioning System (GPS) locations of the ship [Orcutt et al., 1995] . More information about instrument deployment and recovery can be found in the cruise reports by Orcutt et al. [1995] and Dorman and Chave [1996] . Unless otherwise mentioned, seismic data recorded by the Global Seismographic Network (GSN) station RPN (29.1267°S, 109.3344°W) were included in the following analyses in order to extend of the aperture of the seismic array to the south (Figure 1 ).
Data Analysis

Event Detection
[8] Because of the large spacing of seismic stations and the efficiency of sound propagation in the oceanic low sound velocity channel, T phases (the Tertiary phase) were the most frequently identified earthquake signals in OBS records. In order to process the large amount of data consistently, I developed an automated, pattern-recognition method adapted from the algorithm of Joswig [1990] to detect earthquake-generated T phases. Scalegrams calculated from continuous seismic records by wavelet transformation [Kumar and Foufoula-Georgiou, 1997] were cross-correlated with those of visually identified T phase events, air gun shots, and instrument noise, which show distinctly different patterns in the time-frequency domain ( Figure 2 ). T phases, air gun shots, or instrument noise bursts were identified when the corresponding cross-correlation coefficients were greater than some critical values determined by visual inspection of seismic records collected in the first 2 months. Events identified with air gun shots and instrument noise bursts were not analyzed further in this study. Compared to the standard STA/LTA (Short Term Average to Long Term Average) detectors [Allen, 1982] , the positive identification of noise patterns (air gun shots and instrumental noise bursts) gives a better detection probability without an increased false alarm rate [Joswig, 1990] .
[9] During the 178-day experiment, 914 earthquakes generated T phases that were detected (Figure 3 ). On average, three T phase events per day were large enough to be recorded by at least five OBSs and their source locations were determined. The OBS array also recorded body waves from local and regional earthquakes, many of which were not listed in teleseismic earthquake catalogues. Figure 4 shows one example of the body and T waves from regional earthquakes. Body waves were usually recorded on only a few OBSs, however, and the number of earthquakes with body wave records is a small fraction of the total number of earthquakes.
T Phase Arrival Times
[10] T phases often have emergent onsets that are difficult to pick accurately. Recent T phase studies have assumed that the maximum amplitude of a T phase corresponds to the region of the seafloor with the largest conversion of seismic energy into the water column [Slack et al., 1999] . Consequently, the arrival of the peak amplitude of the T phase [Slack et al., 1999; Fox et al., 2001] rather than the onset [e.g., Wilcock et al., 1992] has been used as the arrival time of the T phase event. Because of usually broad envelopes of T phase waveforms and scattering along source-receiver paths, picking the appropriate arrival of peak amplitude remains a challenging problem. The arrival time errors and, equally importantly, the lack of objective and quantitative estimates of uncertainties in individual arrival times degrade the resolution and accuracy of T phase source locations.
[11] For any given event the envelopes of T phase waveforms at the MELT OBS array were often remarkably similar ( Figure 4 ). I thus assessed whether the multichannel, crosscorrelation method of VanDecar and Crosson [1990] could be adapted to estimate T phase relative travel times. Because of the complexity of T phase waveforms, I did not attempt to correlate T phases within their dominant periods (<0.5 s). I first conditioned T phase records for cross correlation by smoothening band-pass-filtered (2 -6 Hz) and squared time series with a 2-s average running window. The processed data (envelopes of T wave energy) from different seismic stations were then cross-correlated to estimate relative T phase arrival times. A major advantage of the cross-correlation approach is that the uncertainty in the relative arrival time at each station can be quantitatively estimated in the least squares sense [VanDecar and Crosson, 1990] . The arrival time errors for T phases with good signal-to-noise ratios and coherent waveforms across the array are less than 1 s. Stations with waveforms significantly different from those at the majority of other stations, presumably due to local scattering, tend to have larger arrival time uncertainties than other stations. Since stations with larger travel time uncertainties have less weight in the inversion for T phase source locations, travel time uncertainties calculated from the cross-correlation and least squares method reflect and alleviate the problem of local scattering.
[12] For T phase events located near the OBS array (latitude 10°-25°S, longitude 105°-120°W), the average uncertainty in T phase arrival times estimated using the cross-correlation and least squares method is 2.2 s, a value comparable to the standard deviation of posterior residual times (2.6 s) but much smaller than that using the arrival time of T phase maximum amplitude (4.0 s). I conclude that for arrays with sufficiently close element spacing and coherent signals the cross-correlation and least squares method takes advantage of the array and yields statistically more robust estimates of T phase arrival times than picking T phase maximum amplitude.
T Phase Velocity
[13] T phases generated by teleseismically located, regional earthquakes (Table 2) were used to determine the velocity of T phase propagation. Because all regional earthquakes occurred outside the OBS array (the GSN station RPN was not used in determining the T phase velocity), the differential distances between OBSs are not sensitive to errors in epicentral locations. A least squares fit between the differential arrival times and distances yields a T phase velocity of 1476 ± 2 m/s ( Figure 5 ), a value comparable to that in the northeast Pacific (1475 m/s) [Slack et al., 1999; Dziak, 2001] and slightly less than the average across most of the Pacific Ocean (1484 m/s) [Talandier and Okal, 1998 ].
Evaluation of the uncertainties in T phase source locations provided later demonstrates that the T phase velocity is adequate for source-location determinations.
T Phase Source Locations and Errors
[14] I used a nonlinear, grid-search method based on work by Rowlett and Forsyth [1984] , Wilcock and Toomey [1991], and Shen et al. [1997] to locate T phase sources. The basis of the method is to calculate, for each event, the weighted root-mean-square (RMS) travel time residual at regularly spaced, two-dimensional grid points. An efficient, multilevel, grid-search scheme was employed to perform the search on a fine (138-m spacing) grid. For T phase events with clearly recorded body waves, both body wave and T phase relative arrival times were used to find joint solutions. The weighted root-mean-square of the travel time residual R(x) for a source at a grid point x is given by
where n is the number of arrivals, O i is the ith travel time relative to the arrival at the reference station (i = 1), C i is the relative travel time calculated for the paths from x to the corresponding stations, and s i is the travel time uncertainty for the ith station.
[15] A one-dimensional P and S wave velocity model determined from a compilation of seismic velocity structures of the normal, 1-6 Ma, oceanic crust [Shen et al., 1997] was use to calculate body wave travel times. The velocity model is consistent with the one-dimensional P wave velocity structure beneath the MELT OBSs [Canales et al., 1998 ], which shows small variations in the crustal thickness in the region. Because the sparse OBS array had poor constraints on the depth of local earthquakes, I assumed that the depth of the earthquake hypocenter was 3 km. Since the error in the hypocentral depth translates to a common shift in arrival times at receivers far from the epicenter, relative travel times absorb the error associated with a fixed hypocentral depth. Fixing the hypocenter at other depths had no significant effect on earthquake epicenters. A table of the minimum travel time for the first P and S arrivals was constructed from the one-dimensional velocity model using the method of Frohlich [1993] for a grid of horizontal distance with intervals of 110 m. The table provided body wave travel times from every twodimensional (latitude and longitude) grid point to the stations.
[16] Two hundred and seven T phase events were located within the area shown in Figure 6 . Events located outside this area tend to have larger location errors than those within this area and are not discussed hereinafter.
[17] Because most T phase events occurred outside the OBS array, the standard inversion techniques for such an event-station geometry may give a misleading evaluation of the quality of source locations [Lilwall et al., 1981] . Given the availability of quantitative estimates of relative travel time uncertainties, I used a Monte Carlo approach to estimate the uncertainties in event source locations. Assuming that the uncertainties in T phase arrival times estimated from waveform cross correlation follow Gaussian distributions, I perturbed T phase arrival times randomly by an amount depending on the estimated standard deviations of arrival times at individual stations. The perturbed arrival times were used to relocate the events. This process was repeated 200 times, resulting in 200 location estimates for each event, which were then used to calculate the errors in event locations (Figure 6 ). This approach is different from that of Slack et al. [1999] , in Figure 4 . An example of regional earthquakes, as recorded on the vertical channel of several ocean bottom seismometers. P and T waves are identified. which a 2-s standard deviation was used for all events at all stations.
[18] In spite of large uncertainties in T phase arrival times (2.2 s a priori and 2.6 s posterior) and the generally poor event-station geometry, the median errors (standard deviations) of the T phase source locations in the longitudinal and latitudinal directions are 3 and 6 km, respectively. Between 15°S and 18°S, where geological inferences are discussed later, the median errors in the longitudinal and latitudinal directions are 3 and 4 km, respectively. These values are much smaller than the errors in routine teleseismic locations in this region ($15 km or more) [Hung and Forsyth, 1996] and are comparable to the T phase location errors estimated by Fox et al. [2001] for the equatorial Pacific hydrophones. T phase location estimates are aided by the low sound velocity in water (1476 ± 2 m/s) and relative uniformity of the T phase velocity compared to seismic velocities in the solid Earth.
[19] The distribution of travel time residuals versus distance range is a measure of whether or not the T phase velocity used in locating the events is adequate. If the estimated velocity is significantly different from the true value, it predicts systematic variations in residual times as a function of distance. The travel time residuals show no systematic deviation from zero with distance range (Figure 7) , indicating that the estimated T phase velocity is adequate for locating the events.
[20] The locations of regional earthquakes determined by land-based networks (Table 2) are systematically offset to the southwest of the corresponding T phase determinations (Figure 8 ). The offsets may result from errors in both teleseismic and T phase locations. An earthquake located west of the ridge axis by land-based seismic networks (event 17 in Table 2 ) was determined to be at the Garrett Transform Fault (13.50°S, 112.07°W) in a joint T phase and body wave determination. For this earthquake, the large location offset results primarily from errors in the teleseismic location. The source of location offsets for other earthquakes that have large location offsets but farther from the OBS array is less certain. I note that a T phase source location is not necessarily coincident with the earthquake epicenter as the seismic-acoustic conversion depends on scattering on the seafloor or in the crust [de Groot-Hedlin and Orcutt, 1999; Park et al., 2001] . Scattering along the source-receiver path may also affect T phase locations.
[21] Almost all T phase sources at the Garrett Transform were distributed outside the fault zone represented by a deep depression in bathymetry (Figure 9 ). This pattern of seismicity is different from the microseismicity at the transform faults of slow spreading ridges, which is usually concentrated along the bathymetric depression [e.g., Trehu and Solomon, 1983; Wilcock et al., 1990] . The T phase source locations at the Garrett Transform may indicate that body waves from earthquakes beneath the bathymetric depression are converted to T waves at the areas of the seafloor with high topographic features. Alternatively, acoustic energy generated in the bathymetric depression is retained inside the depression while that at high topographic features propagates outwards. The limited body waves recorded by the MELT OBSs did not provide accurate EPM enough, independent location estimates to distinguish the two possibilities.
Magnitudes
[22] Recent T phase modeling studies have made significant progress toward understanding the mechanism by which seismic waves from earthquakes are converted to acoustic waves propagating horizontally in the water column [de Groot-Hedlin and Orcutt, 1999; Park et al., 2001] . The results of these studies support the hypothesis that T waves arise from seismic waves scattered by a rough seafloor [e.g., Walker et al., 1992; Hildebrand et al., 1996] or, more generally, by lateral heterogeneity of the seafloor and crust. Further studies of T wave generation and the knowledge of seafloor topography and crustal heterogeneity near earthquake sources are required, however, before we can quantitatively assess the effects of wave conversion and propagation on the estimates of earthquake magnitudes. This lack of quantitative understanding of T phase generation has been reflected in the lack of a commonly accepted method to infer earthquake magnitudes from T phase observations. Earthquake magnitudes have been calculated from T phase acoustic amplitude [Johnson and Northrop, 1966; Smith, 1987] , duration [Okal and Talandier, 1986] , and acoustic spectral amplitude Dziak et al., 1997; Dziak, 2001] .
[23] Because of poor quantitative understanding of T phase generation, I opted for finding an empirical relationship between earthquake magnitudes and T phase waveforms using teleseismically located earthquakes in the region. I established a T phase magnitude scale M T of the form
where E ij is the absolute value of the T wave coda at time j on the vertical component seismometer, Á i is the epicentral distance from the event to the receiver, and S i is a station correction at the ith station. I used the sum of the coda, E i , rather than the peak-to-peak amplitude as in conventional earthquake magnitude studies because E i is expected to be less sensitive to the dimension of the seafloor that converts seismic energy into T waves than the peak-to-peak amplitude. The dimension of the area of seafloor vibration and thus the duration of T waves increases with increasing event depth Hildebrand et al., 1996; Slack et al., 1999] , compensating the decrease in the intensity of seafloor vibration with increasing event depth. E i is also expected to be less affected by scattering along the source-receiver paths than the peak-to-peak amplitude. I defined T phase magnitudes equivalent to earthquake body wave magnitudes to facilitate the comparison of the two scales. Because of the limited number of regional earthquakes, I did not distinguish the styles of faults or the roughness of the seafloor near the epicenters, which may affect T phase excitation [de Groot-Hedlin and Orcutt, 1999; Park et al., 2001; Dziak, 2001] . I solved simultaneously for a, S i , and the magnitudes of regional events that minimized the misfit between teleseismic (m b ) and T phase (M T ) magnitudes in the least squares sense (Figure 10a ). Care was taken to ensure that the T phase records associated with these earthquakes were not clipped. The best value for a is 2.5 ± 0.6. The scatters in m b and M T correlation indicate that the difference between M T and m b in the magnitude 3.5-5 range has a standard deviation of $0.3.
[24] I calculated the magnitudes (M T ) of all T phases located within 2000 km of the OBS array using equation (2). A plot of T phase magnitudes versus epicentral distances (from the source to the center of the southern array) shows that the detection threshold at epicentral distances of 5°-15°is M T = 2.0-3.5 (Figure 10b ). This compares to the detection limits of m b = 1.8-2.4 for the SOSUS array in the northeast Pacific , m b = 1.8 for the eastern equatorial Pacific hydrophones [Fox et al., 2001] , and M w = 3.0 for the North Atlantic hydrophone array [Smith et al., 2002] . These differences are due to the beam-forming capabilities of the SOSUS arrays, which provide signal gain, and the depth of the autonomous hydrophones, which are moored at the axis of the oceanic sound channel. The higher threshold for the Atlantic hydrophones is due in large part to the high level of ambient noise in the Atlantic, which masks low-magni- [Hung and Forsyth, 1996] . In December 1992, four OBSs were deployed near the teleseismic earthquake epicenters for 16 days and recorded hundreds of microearthquakes in a band about 30 km long and 6 km wide between and parallel to seamount chains ( Figure 11 ) [Shen et al., 1997] . This seismicity was interpreted as the response of the lithosphere to injection of magma from the deeper mantle primarily on the basis of variations in focal mechanisms [Shen et al., 1997] . A T phase event in the area was large enough to be recorded on multiple OBSs during the MELT experiment, and was located at the western end of the 1992 microseismicity band (Figure 11) .
[26] The autonomous underwater hydrophones (AUH) in the eastern equatorial Pacific have detected sporadic T phase events in the same general area since the MELT experiment ( Figure 11 ) [Fox et al., 2001] . The northeast trend of the epicenters toward the eastern equatorial Pacific hydrophones reflects typical location errors for events far outside the hydrophone array. Acoustic scattering by seamounts adjacent to the earthquake swarm may contribute to the scatter. Although the locations of the events determined from hydrophone records are not accurate enough to be confident in identifying the relationship of the events to the 1992 swarm or individual volcanic features, the close proximity suggests that they are likely associated with the T phase event during the MELT experiment and the 1992 swarm. The process that generated the 1992 seismic swarm was either reactivated during the MELT experiment or has been continuously active throughout the decade [Fox et al., 2001] . This long-term activity suggests renewable stresses, which are consistent with the interpretation that magma injection was the cause of the 1992 swarm [Shen et al., 1997] and inconsistent with nonrenewable, thermoelastic stresses caused by cooling of the lithosphere.
[27] A swarm of 23 earthquakes that lasted for about 2 months (from November 1995 to January 1996) was located on the west flank of the SEPR near 15.3°S, 114.5°W ( Figure 6 ). The time-magnitude sequence of these earthquakes did not follow a typical main shock-aftershock sequence (Figure 12 ). Like the 1992 earthquake swarm to the south, the time-space sequence of this swarm did not show any obvious propagation direction. Unlike the earthquake swarm to the south, the activity stopped completely about 2 months after the first located event on 13 November 1995. The eastern equatorial Pacific hydrophones, which are capable of detecting earthquakes of the sizes in this swarm (M T = 1.8-3.5), have not detect any earthquakes in the immediate vicinity of this swarm. Unfortunately, the site of this earthquake swarm has not been surveyed by a shipboard mapping system. It is unclear if this swarm was associated with any volcanic feature, although active volcanism in the region can be inferred from the geoid-derived bathymetry and shipboard surveys in adjacent areas.
East Flank of the SEPR
[28] In sharp contrast to the swarm characteristics of earthquakes on the west flank of the ridge axis, earthquakes on the Nazca flank appeared to be randomly distributed in time and space ( Figure 6 ). They did not appear to be associated with seamount chains and thus represented the background seismicity, which was nearly absent on the Pacific flank. The difference in the apparent background seismicity between the east and west flanks of the ridge axis could result from an insufficient recording period, or more likely the difference in the thermal structure of the Pacific and Nazca plates. From the Wilkes Transform (9°S) to the Easter Microplate (23°S), the Nazca flank subsides at about twice the rate of the Pacific flank [Cochran, 1986; Scheirer et al., 1998 ], indicating that, at a given distance from the ridge axis, the Nazca plate is thicker and stronger than the Pacific plate. Faster cooling (thus greater variations in thermoelastic stresses) and a stronger lithosphere were two possible factors that aided the generation of moderate earthquakes on the Nazca plate recorded by multiple OBSs.
Ridge Axis
[29] Only two T phase events were located at the ridge axis near the southern array, where the station spacing was relatively small (Figure 6 ). The larger event had an estimated magnitude (M T ) of 0.5, a value much smaller than the detection threshold of land-based seismic networks and that of the eastern equatorial Pacific hydrophones (m b $ 1.8). The small earthquake magnitudes are consistent with the presence of shallow magma chambers and, by inference, a thin elastic layer at the ridge axis.
[30] The low seismicity rate along the ridge axis was the consequence of the low magnitudes of earthquakes at the ridge axis and the inadequacy of the MELT OBS array to locate these very small earthquakes. A comparison of repeated bathymetric surveys of the ridge axis between 16°S and 18°40 0 S in late 1995, late 1996, and mid-1997 detected no significant seafloor topographic changes, indicating that no significant magma eruption occurred during that period [Dunn et al., 2001] . The low seismicity rate at the ridge axis should not be interpreted as evidence for the lack of dike intrusions at the ridge axis, however. Earthquakes associated with diking at the SEPR are likely to be much smaller than those associated with diking events at the Juan de Fuca Ridge Dziak et al., 1995; Schreiner et al., 1995] and the detection thresholds of the MELT OBS array. For the same reason, earthquakes generated by faulting within a few tens of kilometers of this fast spreading center might also be too small to be located.
Conclusions
[31] This study demonstrates that ocean bottom seismometers can be used to detect and locate T phase events. Over 200 T phase events were located near the MELT OBS array. Using an empirical relationship between earthquake magnitudes and T wave waveforms, I estimated that the T phase detection thresholds of the OBS array were magnitudes (M T ) 2 -3.5 at epicentral distances of 5°-15°. The MELT OBSs and subsequent equatorial Pacific hydrophones recorded earthquakes near an earthquake swarm in 1992, which was located approximately 300 km west of the ridge axis at about 18°S and 116°W. The earthquake process that generated the 1992 swarm was either reactivated 3 years later during the OBS experiment or has been continuously active in the past decade. This long-term activity suggests renewable stresses, which are consistent with the interpretation that magma injection was the cause of the 1992 swarm [Shen et al., 1997] . A swarm of earthquakes located near 15.3°S, 114.5°W on the west flank of the SEPR lasted for about 2 months during the OBS experiment. In contrast to the swarm characteristics of earthquakes on the west flank of the ridge axis, earthquakes on the Nazca flank were randomly distributed in time and space. The difference in seismicity between the Pacific and Nazca flanks may result from the difference in the thermal structure of the Pacific and Nazca plates. The few earthquakes located at the ridge axis had very small magnitudes, reflecting the presence of shallow magma chambers beneath the ridge axis and the thin elastic layer of the fast spreading SEPR. This result also indicates that acoustic monitoring of earthquakes associated with dike intrusion is difficult at regional scales at this fast spreading ridge. There is no apparent correlation between seismicity and off-axis seamounts.
[32] Acknowledgments. L. Dorman and S. Webb kindly provided OBS data collected by their groups. I thank other participants in the MELT experiment for providing the opportunity of this study. Sarah McDonald helped the initial processing of the OBS data. C. Fox and the Associate Editor provided constructive reviews of the manuscript. The GMT plotting package of Wessel and Smith [1991] was used to prepare figures. This study was supported by the National Science Foundation under the grant OCE-9896393.
